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ABSTRACT

We investigate changes in the tropical tropopause layeL) T response
to carbon dioxide increase and surface warming separately atmospheric
general circulation model, and find that both effects leaawarmer tropical
tropopause. Surface warming also results in an upwarddtitie tropopause.
We perform a detailed heat budget analysis to quantify tidridmitions from
different radiative and dynamic processes to changes imtheemperature.
When carbon dioxide increases with fixed surface tempexgauwvarmer TTL
mainly results from the direct radiative effect of carbooxdie increase. With
surface warming, the largest contribution to the TTL wargiomes from the
radiative effect of the warmer troposphere, which is paréigceled by the ra-
diative effect of the moistening at the TTL. Strengthenifthe stratospheric
circulation following surface warming cools the lower stisphere dynami-
cally and radiatively via changes in ozone. These two effact of compa-
rable magnitudes. This circulation change is the main cafisemperature
changes near 63 hPa, but is weak near 100 hPa. Contributtonghanges in
convection and clouds are also quantified. These resuissridite the heat bud-
get analysis as a useful tool to disentangle the radiatyweyhical-chemical-
convective coupling at the TTL and to facilitate an underdiag of inter-

model difference.
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1. Introduction

The tropical tropopause layer (TTL) is the transition regi®tween the troposphere and the
stratosphere (Fueglistaler et al. 2009; Randel and Jer3EB).2 As one moves from the tro-
posphere into the stratosphere, static stability shamgdyeases, convective activities and clouds
evanesce, radiative heating rates change from net coaimget warming, and the meridional
circulation shifts from the Hadley circulation into the ntuwider Brewer-Dobson circulation.
Many chemically and/or radiatively important species)udmg water vapor and ozone, experi-
ence sharp gradients in their concentrations across the TR TTL affects both the troposphere
and the stratosphere and exerts influences well beyonddpieat region. The thermal structure
of the TTL is of particular interest as it sets the stratosigheater vapor concentration (Mote et al.
1996), changes of which may have contributed to the recati$iof surface warming (Solomon
et al. 2010). It also affects the climate system through gharmf clouds, especially cirrus clouds
(Li and Thompson 2013; Virts et al. 2010). Recent studies silgygested a possible link between
the TTL temperature and the intensity of tropical cyclotgménuel et al. 2013; Wang et al. 2014).

The thermal structure of the TTL is an emergent property efdbmplex coupling among con-
vection, radiation, and circulations of various scalese(fistaler et al. 2009; Randel and Jensen
2013, and references therein). It can be altered by clinfetege in multiple ways, which involve
changes in temperature outside the TTL, concentrationsatémwapor, ozone and greenhouse
gases (GHGs), cloud properties, circulation patterns amdaextive activities. Given the subtle
nature of the balance among all these factors, it might berisimg that almost all general cir-
culation models (GCMs) and chemistry climate models (CCps}lict a warming and upward-
shifting trend of the tropical tropopause over the 21stugn{Gettelman et al. 2010; Kim et al.

2013).
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Shepherd (2002) proposed a conceptual model to explairrdpegause change, which pos-
tulates a warmer and higher tropopause when the tropospfaaras, but a colder and higher
tropopause when the stratosphere cools (both of which waeddr as GHGs increases). This re-
lationship has been confirmed with observations (SeidelRarttiel 2006) and simulations (San-
ter et al. 2003). Based on linear regression analysis, Aastd Reichler (2008) attributed the
tropopause changes from 1960 to 2100 to changes in the Bizeleon circulation, stratospheric
ozone and sea surface temperatures (SSTs). However, cheehighly coupled nature of the TTL
processes, it is hard to avoid ambiguity in regression-dasibution analyses. Previous mech-
anistic studies investigated the radiative balance of fhie dnd its sensitivity to changes in the
radiatively active species (Thuburn and Craig 2002; Getel et al. 2004). These radiative trans-
fer calculations were, however, done in a relatively sistgifashion, and the coupling between
the species and circulation was largely neglected.

In this paper, we seek a more complete understanding of thelaied warming trends at the
TTL as GHGs increases. By analyzing the heat budget at the WélLdisentangle the coupled
radiative, dynamic and thermodynamic processes and dyahé contribution from each pro-
cess. The orgnization of the paper is as follows. SectionsZriges the experiment setup and
the methodology for the heat budget analysis. The maintseane presented in Section 3. A
discussion on the robustness of the results is given in@&@edtiwhich is followed by a summary

and conclusion in Section 5.
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2. Methodology

a. model simulations

We conduct three pairs of idealized perturbation experimasing the Geophysical Fluid Dy-
namics Laboratory (GFDL) atmospheric model AM3 (Donnerle2@11), the atmospheric com-
ponent of the GFDL coupled climate model (CM3). This modesd H& vertical layers with a
model top at 0.01 hPa(86 km), of which 7 layers are between 40 hPa and 200 hPa. Nate th
AMS incorporates an interactive chemistry scheme in bottsthatosphere and troposphere, thus
allowing ozone to be transported by circulation and to adjnshe corresponding climate. Ba-
sic simulation characteristics of this model are docuneeiieDonner et al. (2011). We specify
the sea surface temperatures (SSTs) and the concentratiarbon dioxide (C®) in the experi-
ments. As the first perturbation, we quadruple thes€@ncentration from 368 ppm in the control
experiment to 1472 ppm (4xCO2). As the second perturbatvenyniformly increase SST by 4
K from the present-day climatology in the control (4KSST)s the third purterbation, we apply
both quadrupling C@®and 4K increase of SST (COMBINE). All other external forsngmain
the same. Each simulation is run for 11 model years, and wigzmnthe last 10 years. All results
are averaged over the tropics {&3- 20°N). Zonal mean temperature and zonal wind changes in

these experiments are shown in the supplementary materials

b. heat budget analysis

The thermodynamic equation of the atmosphere can be weten

006

9t Qdyn + Qconv + Qrad (1)

5
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in which Qgyn, Qconv @aNdQyaq represent potential temperatuf®) tendency driven by advection,
phase change of water and radiation, respectively. In ai-gegslibrium climate stateQgyn,
Qconv @and Qg effectively balance each other out, resultinglii/dt = 0. Now considering the

difference between two climate states, we will have:

AQdyn + AQconv + AQrad =0 (2)

We further decompos&Q; g into terms due to different controlling factors:

AQrad = ——

3)
= AQrad,'l]Oc + Z AQrad,Xi,
I

in which T is the temperature at the location of interégincludes concentrations of radiatively
active species (such as ozone, water vapor, GHGs), clondsy@n-local temperature. Changes
in these species and clouds may be caused by variationgyg$aale circulation or convection.

Then Eqg. (2) can be written as:

—AQrad, 7o = AQdyn +AQconv + Z AQradx ()
|

Note that in the much simplified Newtonian cooling framewdte left hand side of the above
eqguation would correspond t%y wherer is the radiative relaxation time, which 4€30 days

in the TTL (Hartmann et al. 2001). When an atmosphere layeoines warmer, it will emit more
longwave radiation. In order to sustain the warming, theostrbe additional heating from either
dynamical, convective or other radiative processes tongaldhe increased longwave emission.
Equation (4) helps quantify the contributions of differphiysical processes to the changes in the

TTL temperature.
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c. estimation of heating rates

Qdyn, Qconv @aNd Qrog are readily archived in the model output. Sir@g, is largely brought
about by the vertical transport of the Brewer-Dobson catiah in the TTL region, it can be
approximated by-8,w*, in which 8, is the vertical derivative of zonal mean potential tempaet
andw* is the Transformed Eulerian Mean (TEM) vertical velocityofenlof 1995; Yang et al.
2008). We also calculat, andw* from other model outputs to further decompose the total
AQuyn into those caused by, andAw*.

To estimate the individual radiative heating rates, we emfile off-line version of the radiative
transfer model used in AM3 (Freidenreich and Ramaswamy ;13&®9wvarzkopf and Ramaswamy
1999; GFDL Global Atmospheric Model Development Team 200M)e radiative heating rate
change due to each perturbatid,,q x is calculated using the partial radiative perturbation
method (Wetherald and Manabe 1988M\QX.q 7,,. IS computed in the same way A€)ad x;)-
We perform a two-sided perturbation to minimize the inflleen€ the decorrelation perturbation

(Colman and McAvaney 1997; Soden et al. 2008), i.e.,

1
AQrad)(; = Q[Qrad (Xipa XjC#i) - Qrad(xic7xjc7éi> + Qrad (XiP7XjF;éi> — Qrad (Xicv ij;éi)] (5)

in whichX® andXP stand for radiation-relevant variables from the contniiation, and from the
perturbed simulation, respectively. The off-line radiatiransfer is performed every three hours at
each model grid using the instantaneous temperature, vagter, ozone and cloud fields archived
from the GCM simulations. To reduce computational cost, westruct a synthetic one-year
timeseries by randomly sampling the entire ten-year sitiula The averaged radiative heating
rates calculated from these one-year profiles are very tbabe ten-year averages. The clouds in

AM3 are either explicitly resolved or parameterized by kivaland deep cumulus schemes. Both
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types are seen by radiation. Cloud overlap is treated ubad/ionte Carlo independent column
approximation (Pincus et al. 2003). The cloud droplet ssamiculated from the prognostic cloud
water content and droplet number concentration. The cloagarticle size is parameterized as a
function of temperature. More detail can be found in Donned.g2011).

For perturbations in temperature and water vapor, insteperturbing the whole profile at once,
we perturb the tropospheric, TTL and stratospheric pararsgply, as the governing physics vary
for these regions. We defined the tropospheric region as tuehtayers below the level of zero
net clear-sky radiative heating (LZRH), the stratospherigon as the model layers above the cold-
point tropopause, and the TTL as the layers between. Fobtiiteat and perturbed simulations, we
calculated the pressure of the cold-point tropopause frantrbpical mean climatology, and use
the lower of these two values as the TTL top boundary. Sityitardefine the bottom boundary,

we use the highest pressure LZRH of the two simulations.

3. Results

Fig. 1 shows the tropical-averaged temperature profilesurrsonulations. We also mark the
tropopause levels based on different definitions: the LZ&RE World Meteorological Organiza-
tion (WMO) defined tropopause where the lapse rate equalkra Kdnd the cold-point tropopause
where the lapse rate is zero. Itis clear from Fig. 1 that theital tropopause warms signficantly
in both experiments. In the 4xCO2 case, the troposphere svalightly, and the strongest warm-
ing is located around 90 hPa. The tropics cools abov® hPa, and the strongest cooling occurs
roughly at the stratopause. The cold-point tropopauseirenz~ 90 hPa level, and warms by
0.8 K. In the 4KSST case, the tropics warms belovBO hPa and cools above. The strongest
warming is located in the upper troposphere around 200 hiththee strongest cooling is in the

lower stratosphere around 60 hPa. The cold-point tropapaubfted from 90 hPa to 77 hPa,
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and the cold-point temperature warms by 1.4 K. In the COMBRéEe in which CQ and SST
changes simultaneously, the resulted temperature chaonfjke pnatches with the sum of those
from 4xCO2 and 4KSST perturbations, with the cold-pointpenature warmed by 2.2K. This is
in agreement with previous studies by Kodama et al. (200@)kawatani et al. (2012) who also
found negligible nolinearity in stratospheric circulaticesponses to both G@nd SST increase.

Note that on average, the CMIP5 models under RCP8.5 predattigpoint tropopause warming
of ~ 1.5K (Kim et al. 2013). Gettelman et al. (2010) showed that ncbsimistry climate models
simulate a ® — 1.0 K warming of the cold point over the 21st century. Given adgptropical
cold point temperature of 190 K, a 1 K warming at the cold-p@uld lead to~ 18% or 06
ppmv increase of stratospheric water vapor concentragissiiming that the stratospheric water
vapor concentration is equal to saturation concentratidimeacold-point.

Compared to simulations with more realistic forcings, thetealized experiments provide a
relatively clean setting to explore the TTL changes. At thimes time, the fully interactive ozone,
water vapor and clouds in this model make it possible to stufiy range of responsible physical
processes, and to assess their relative contributions ol fon the 4xCO2 and 4KSST cases in
the following text since the COMBINE case can be largely akpd by the sum of the two. Also
note that these two cases represent changes occurrindgesiediftime scales. Adjustments of the
climate system to C®increase that are independent from surface temperaturgebkavould be

much faster than those mediated by changes in surface tatape(Sherwood et al. 2015).

a. 4xCO2 case

Figure 2 illustrates changes of some key parameters inxperanent. With quadrupling C£)
the middle and upper stratosphere radiatively cool up to 1Wlch is in agreement with many

previous studies (e.g., Manabe and Wetherald 1967; Fels £980; Ramaswamy et al. 1996;
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Shine et al. 2003). The troposphere warn 3 K following the warming of the land. Water vapor
concentration increases by a few percent in the troposptvbike the relative humidity decreases
by ~ 0.5% near 100 hPa and 700 hPa and increases in the middle tragespWhat is less
recognized by previous studies is th@.8 K warming at the cold-point tropopause. Stratospheric
water vapor concentration increases as the tropopauseswarhe moistening amounts to 14%
just above the cold point, and reduces to a few percent in piperustratosphere. The increase
of the relative humidity peaks at 3% in the lower stratosphere. Tropical upwelling from the
Brewer-Dobson circulation enhances with the increase of, @Onsistent with previous studies
(Oman et al. 2009; Kodama et al. 2007). The acceleratiorrasm@eér in the upper stratosphere
than elsewhere. More interestingly, the upwelling at tbpdpause also increased. This increased
upwelling across the tropopause dilutes lower strato$plozone. In contrast, ozone increases
in the middle and upper stratosphere, mainly due to a sloiwetogchemical destruction at colder
temperature (Barnett et al. 1975). The model also simukatesall increase of ozone below 100
hPa. Consistent with changes in the relative humidity, déodecreases at the tropopause and in
the lower troposphere. The reduction of low level cloudsasponse to C®increase has been
reported by many previous studies (e.g., Andrews and Fd&6@8; Colman and McAvaney 2011;
Zelinka et al. 2013), while less atttention has been paidémges of clouds near the tropopause.
All the changes discussed above may potentially influeneendat budget at the TTL. Their
contributions are depicted in Figs. 3 and 4. As shown in Figth8 longwave cooling arising
from the warmer tropopause is balanced almost entirel?_b@rad% in the 4xCO2 case, with
negligible contributions from\Qgyn and AQcony. It is clear from Fig. 4 that the warming at
100 hPa is driven mostly by the direct radiative effect ofleigCQ concentration. As shown
in Thuburn and Craig (2002), this radiative heating from @Rists due to the strong curvature

of the temperature profile near the tropopause. Since lovegemission is porportional to the

10
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fourth power of the temperature at which it occurs, the cadpapause implies that the radiative
flux emitted from the tropopause would be smaller than tleahflayers above and below. When
CO, increases, the stronger absorption of radiative fluxes eatrispopause from atmospheric
layers above and below exceeds the stronger emission fr@tnajpopause. Hence a net longwave
heating arises there. GQ@lso absorbs at a few shortwave bands (e.g., Liou 2002). @$agtion

at these shortwave bands contributes to the radiativerfgeatithe TTL as well. The radiative
warming from CQ increase is also reported by McLandress et al. (2014).

The colder stratosphere, which also results from incre&¥eg(e.g., Manabe and Wetherald
1967; Shine et al. 2003), tends to cool the tropopause reglat The enhanced upwelling across
the tropopause produces a dynamical cooling. The radiatieets of the changes in tropospheric
temperature, ozone, water vapor and clouds are much sntiadierthe direct radiative heating
from CQ,. The fact that the summation of individual heating rategagmell with the estimation
obtained by subtractingQyaq 7. from model-diagnosedQ,q serves as a validation of our off-

line radiative transfer calculations (Fig. 4(b)).

b. 4KSST case

The changes of some key variables are shown in Fig. 5. Comhparthie 4xCO2 experiment,
dynamics and convection play more important roles in the FK®&xperiment (Fig. 6). The
composition of the heat budget varies with height. We cheog$ecus on two levels, 63 hPa and
100 hPa, since opposite temperature changes are seen aflihetetailed heat budgets are given
in Fig. 7.

The tropical troposphere follows the moist adiabatic lagge. As a result, the troposphere
warms more than the surface (Fig. 5), and tends to warm thesgtneric layers above by emitting

more longwave radiation. This effect counts for the strehgearming tendency at 100 hPa (Fig.

11
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7 (b)), but is relatively weak at 63 hPa (Fig. 7 (a)). The trgweric warming is accompanied by
moistening, which causes a weak radiative cooling at bottde

The Brewer-Dobson circulation is expected to strengthea warmer climate (e.g., Butchart
2014; Lin et al. 2015). This is confirmed by the stronger waitvelocity (Fig. 5). The enhanced
upwelling would have a tendency to cool the atmosphere atadly. It is, however, important
to note that this dynamic cooling is mediated by changesarsthtic stability (Fueglistaler et al.
2011). In the 4KSST experiment, the tropopause shifts ugsvand the static stability decreases
near the original tropopause. The effect of decreased st&tbility dominates that of stronger
upwelling at 100 hPa, resulting in a weakly positive heatatg. This is in contrast thQqyn being
the largest cooling term at 63 hPa. The stronger Brewer-Bobsculation also transports more
tropospheric air into the stratopshere and dilutes the®@zoncentration in the lower stratosphere.
The radiative effect from the decreased ozone is the se@wgdst cooling term at 63 hPa, but is
negligible at 100 hPa. The colder stratosphere has a coefiagt on the tropopause.

As the lower stratosphere cools and the upper tropospheresythe tropopause shifts upwards,
allowing convection to penetrate deeper and clouds to fdrigder levels. The upward shift of
clouds in response to surface warming is a robust feedbackanesm (Hartmann and Larson
2002; Zelinka and Hartmann 2010). The latent heat release fthe deeper convection and the
radiative effect of cloud changes each contribute aboutla éif the heating that is needed for
sustaining the warming at 100 hPa. Their effects are ndddigit 63 hPa since most convection
and clouds are confined below. Water vapor concentratiaeases by about 50% in the lower
stratospher due to a warmer cold-point as well as strongarection overshoot. At 100 hPa, the
moistening of the TTL causes the strongest cooling, but tteospheric moistening leads to a

weak warming. Neither has any appreciable impact on theeeatyre change at 63 hPa.
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Since the tropopause has been lifted considerably in tlsis,dhe above analysis on the fixed
pressure levels cannot answer the question of what causesatming at the tropopause. To
answer this question, we repeat the above analysis in thdioate of relative height to the WMO
tropopause (Birner et al. 2002; Pan et al. 2004). We firsttifjethe WMO tropopause from the
temperature profile at each grid and time step. We then $tafptofiles of all radiation-relavent
variables at this grid and time step Ay = —H In(Prp/Pef ), whereH is the scale heighBrp is
the WMO tropopause pressure, aigdr = 100hPa. These shifted profiles are then used for the
off-line radiative transfer calculation. The model-diaged daily heating rates are converted to the
tropopause-relative coordinate in the same way. Note tieatdnversion between the coordinates
leads to deviations of the off-line radiative calculatidrsn the model-diagnosed one, and hence
the resulted heat budget in this case is not fully closed.

Figure 8 shows the radiative and dynamical properties intithigopause-relative coordinate.
Similar to what is shown in the original log pressure cooatkn water vapor increases in both the
stratosphere and troposphere, clouds shift upwards, angotlvard transport enhanced in the TTL
region (though with smaller magnitudes). However, chamgésmperature and ozone are differ-
ent in the tropopause-relative coordinate compared to tbespre coordinate. Here warming is
seen not only in the troposphere but also in the lower stphi®. Ozone concentration increases
rather than decreases in the lower stratosphere.

The heat budget at the composited tropopause is shown in ¥igAs shown in the figure,
changes in temperature, ozone, clouds and convectionaakleo a warmer tropopause, with
the largest contribution coming from the warmer troposphérhe tropopause is cooled by the
stronger upwelling as well as moistening in the troposplaere at the tropopause. The largest
cooling effect comes from the moistening at the tropopauBee two estimates 0 AQyad x;

differ by about 15%.
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4. Discussion

Our heat budget analysis suggests that the radiative dftaattropospheric warming and the
direct radiative effect from C@increase are the two largest contributing factors to thedpause
warming. They are countered mainly by the strengthening®fstratospheric circulation and the
moistening near the tropopause. But the magnitudes of thingafrom circulation changes and
moistening are in general weak at the tropopause. This mplaiexwhy most models show a
warmer tropopause under global warming. In practice, thgmtades of the tropopause warming
vary vastly from model to model (Gettelman et al. 2010; Kimakt2013). The heat budget
analysis shown here would be useful for identifying the sesiof inter-model spreads. We leave
a quantitative assessment of the inter-model spread teefutork, but offer a qualitative discussion
below.

The direct radiative warming at the tropopause from in@daSQ varies with both the C®
base value as well as details of the radiative transfer moBiglure 10 shows the increases in
longwave and shortwave heating rates at the tropopause asd@@@entration increases from 200
ppm to 1600 ppm. These heating rates are calculated usingsAfsi@ative transfer codes; two
more sophisticated radiative transfer models: Fu-Liougkd Liou 1992) and the Rapid Radiative
Transfer Model (RRTM, Mlawer et al. 1997; Clough et al. 2Q@s)well as the Reference Forward
Model (RFM, Dudhia 2005) line-by-line code, which is the mascurate. The calculation is done
for the tropical-averaged profiles at the equinox from thetiad experiment. Only clear-sky and
aerosol-free results are shown. The shortwave heatingaatss roughly linearly with logarithmic
increase of CQ. Different radiative transfer models agree relativelylvial the shortwave heating
rate change. The longwave part, on the other hand, showsvlassing or even cooling when

CO, increases from a high base value. Diverse responses in bvggweating rate are seen among
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different radiative transfer models when the £@ncentration is higher than 600 ppm. Even for a
moderate C@increase from 400 ppm to 600 ppm, the difference in longwaeatihg rate increase
at the tropopause among radiative transfer models is grtbaiie 40%. Note that the long radiative
relaxation time near the tropopause (Fels 1982; Ramaswathyramanathan 1989; Thuburn
and Craig 2002; Hartmann and Larson 2002; Gettelman et @#t)2éhplies a large temperature
response to any change in the heating rate. Therefore, aniarthe heating rate of similar
magnitude would then translate into a larger error in teafoee at the tropopause than at other
levels.

The radiative warming at the tropopause from the warmerosppere is largely determined
by temperature change at the tropical upper tropospherdle\We tropical upper tropospheric
warming is a robust feature of the global warming simulateally by all models (Ramaswamy
et al. 2006), recent studies show that the magnitudes of éineing differ by more than threefolds
among CMIP3 and CMIP5 models (Fu et al. 2011; Po-Chedley and(R2). This large inter-
model spread may be attributed to the large uncertaintyarctimulus parameterization as well as
the dependence on the detailed sea surface temperatiempdilannaghan et al. 2014). Lin and
Fu (2013) further show that the acceleration of the stratesp circulation is also tightly coupled
to the warming at the tropical upper troposphere. Note thatibhalf of the influence from strato-
spheric circulation change is realized through changimmezoncentration. This mechanism will
be absent in many CMIP3 and CMIP5 models with prescribed@zon

While in general there is uncertainty regarding cloud proge and their effects in models, con-
vection and clouds play relatively minor roles in alteringpopause temperature in this model.
Previous studies suggest that the upward shift of cloudsridast response to global warming
(Hartmann and Larson 2002; Zelinka and Hartmann 2010). , Flus/ever, does not necessar-

ily translate to a robust change at the tropopause. If caimreand cloud tops are well below
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the tropopause, any shift in convection or clouds would pesgigible effect on the tropopause.
Thuburn and Craig (2002) showed that the radiation from ggrh CO, band plays an important
role in separating the cold-point tropopause and the caioretop. This, again, suggests the im-
portance to improve the accuracy of radiative transferutatons, especially near the tropopause

region.

5. Summary and conclusions

Change in the tropical tropopause is an important conseguefithe GHG-induced global cli-
mate change. Here we investigate the tropical tropopaws®ehin response to a quadrupling£0O
with fixed SST and a uniform SST warming of 4K with GFDL AM3. Ttrepopause becomes
warmer in both experiments. The tropopause height (preyshifts upwards following surface
warming, but remains unchanged as{ifxreases.

We perform a detailed heat budget analysis at the tropogausstinguish and quantify the con-
tributions from different radiative and dynamic procestethe tropopause temperature change.
The heat budget analysis shows that in the 4xCO2 experinientrtopopause warming is mainly
caused by the direct radiative effect from £@crease. In the 4KSST experiment, the largest con-
tributor at 100 hPa is the radiative warming from a warmepasphere. The temperature change
at 63 hPa, on the other hand, is dominated by cooling induged $tronger Brewer-Dobson
circulation, both dynamically and radiatively via changiozone. Taking the tropopause height
change into account, we redo the heat budget analysis indpegause-relative coordinate for the
4KSST experiment. The composite heat budget reveals tlaages in tropospheric and strato-
spheric temperature, moistening in the stratosphere gefsain ozone, convections and clouds all
lead to a warming of the tropopause, with the warmer tropesgpbeing the largest contributor.

The tropopause is cooled by stronger upwelling across tppause and the moistening in the
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troposphere and at the tropopause, among which the weaifmgause contributes the most. We
substantiate that the radiative warming at the tropopawse €O, increase and the warmer tro-

posphere are the dominant contributors to tropical tropsp&hange under global warming, and
that inter-model differences may be traced back to a numblegyoprocesses (such as radiative
transfer scheme, the tropical upper tropospheric warnangne transport and the convection top

climatology.)
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FIG. 7. As in Fig. 4, except for (a) the 63-hPa layer and (b) the-liPa layer for 4KSST.
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FiG. 8. Asin Fig. 5, except for in the tropopause-relative camate. The gray shading indicates the 100-hPa

layer where the composite tropopause is located.
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Fic. 10. Longwave (blue) and shortwave (red) heating rate cbsuag) the tropopause as carbon dioxide
concentration increases from 200 ppm. The heating ratesacelated using AM3 radiative transfer code
(triangle), Fu-Liou radiative transfer code (cross), tHeT (circle) and the RFM line-by-line code (square).
The radiative calculations are done using the tropical nmeafiles from the control simulation, and are carried

out at the equinox under clear-sky aerosol-free conditiSe® text for more explanation.
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Figure S1. (a) Zonal mean temperature changes from the 4xCO2 experiment (color
shading) and the climatology from the control simulation (black contours). (c) As in (a),
except for 4KSST. (e) As in (a), except for COMBINE. (b) (d) and (f), as in (a) (c) and
(d), except for zonal wind.



